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Abstract23

The early last deglaciation (20-15 ka) is characterized by sea level and atmo-24

spheric CO2 increase. Changes in Atlantic deep water mass structure, Southern25

Ocean (SO) ventilation, warming ocean temperatures and sinking of organic car-26

bon (export production) are suggested to transfer carbon from the ocean to the27

atmosphere. However, quantification of those processes is complex due to rapid28

deglacial dynamics and uncertainties of forcings and feedbacks involved. Here29

we analyze a global compilation of stable carbon isotope ratios (13C/12C) from30
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benthic foraminifera, which shows enrichment in deep waters of Antarctic ori-31

gin, and depletion in upper North Atlantic Deep Waters during Heinrich Stadial32

1. We test, using the glacial configuration of a global climate model, the effect33

on the carbon cycle of three deglacial forcings: North Atlantic fresh water fluxes34

(FWF), increased SO ventilation, and lower atmospheric iron fluxes. We find35

that increased SO ventilation and reduced iron fluxes increase SO 13C/12C of36

dissolved inorganic carbon (DIC), which propagates to Indo-Pacific and lower37

Atlantic deep waters, in agreement with reconstructions, while inferred changes in38

the Atlantic Meridional Overturning Circulation (AMOC) are small. Combining39

all forcings, our simulations are able to reproduce the early deglacial CO2 rise.40

Keywords: Deglaciation, Carbon, Ocean, Ventilation41

Despite contributing importantly to global temperature variations during glacial42

cycles[1], changes in atmospheric CO2 are not well understood. They have been43

attributed to changes in deep ocean carbon[2], modulated by temperature, sea ice,44

a redistribution of deep water masses, ventilation, and sequestration of biological45

carbon[3–9]. Here we focus on the early last deglacation, which provides a wealth of46

well-dated reconstructions, and is associated with a ∼33 ppm[10] CO2 rise.47

FWF from melting of the Laurentide and European ice sheets[11] have been sug-48

gested to slow down the AMOC[12, 13] during Heinrich Stadial 1 (HS1, 16.5–15.0 ka).49

This is indicated by paleotracers such as decreasing 13C/12C ratios (δ13C when com-50

pared with a standard) in upper North Atlantic Deep Water (NADW)[14, 15]. How-51

ever, quantifying AMOC changes remains challenging and their role on atmospheric52

CO2 is still unclear[4, 13, 16, 17].53

Lower atmospheric iron deposition via dust could have hampered SO productivity54

and transfer of carbon from the surface to the deep ocean, resulting in atmospheric55

CO2 increase after the Last Glacial Maximum (LGM, 22-20 ka)[3, 18]. On the other56

hand, reinvigorated SO ventilation, driven by poleward shifts and/or intensification57

of Southern Hemisphere Westerlies, could have decreased the isolation of Antarctic-58

sourced deep waters and released deep ocean carbon into the atmosphere[4, 7, 8, 19].59

δ13C in tests of benthic foraminifera C. wuellerstorfi have been used as a proxy60

for deep water mass distribution[20], though changes in the source waters δ13C and61

organic matter remineralization have to be considered[15, 21]. A new compilation of62

high resolution (> 1 ka) downcore C. wuellerstorfi stable isotope measurements from63

deglacial sediments[22] provides an unprecedented opportunity to reconstruct changes64

in deep water mass distribution[23]. Here we analyze this data base with transient65

simulations of an intermediate-complexity, isotope-enabled Earth-System Model with66

interactive carbon cycle, to help interpret the observations. We assess effects of FWF,67

enhanced wind-driven SO ventilation, and export production reduction (Fig. S1) on68

atmospheric CO2, δ
13CCO2

, and deep water δ13C. The simulated δ13C is subsam-69

pled to match locations and ages of the observations. This four-dimensional approach70

dispenses of defining time intervals, which can add extra uncertainties in a model-71

data comparison. It allows the use of all data points corresponding to the early last72

deglaciation within a core site, resulting in a sample size of ∼ 2000 data points.73
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Results74

Observed changes in deep ocean δ13C75

C. wuellerstorfi δ13C data[22] reveal substantial changes between the LGM (22-2076

ka) and Heinrich Stadial 1 (HS1, 17-15 ka) (Fig. 1). δ13C increases in deep waters of77

Antarctic origin, propagating a 0.1 − 0.3 permil increase to most of the Indo-Pacific78

Ocean and to Antarctic Bottom Water (AABW) in the Atlantic (Fig. 1), a pattern79

that has not been described before. Upper NADW (Atlantic Ocean above 2500 m)80

exhibits a 0.1−0.3 permil δ13C decrease, with negative anomalies as high as 0.6 permil81

in Arctic waters between 1000 and 2000 m (Fig. 1). In the Atlantic Ocean, the result82

is a “dipole effect” between upper waters and lower waters, which tends to reduce the83

vertical gradient of δ13CDIC .84

Modeled ocean physics85

Simulations with FWF forcings decrease AMOC transport and shoal the interface86

between the AMOC and AABW overturning cells (AMOC depth hereafter). A North87

Atlantic FWF of 0.053 Sv between 20 and 15 ka (Fig. S1) decreases the AMOC88

transport at 25◦ N from 13 to 9 Sv (LFWF, Fig. 2a), and decreases its depth from89

2700 to 2400 m (Fig. 2b). Increasing FWF from 0.056 to 0.087 Sv at 17 ka, following90

reconstructed volume equivalent sea level changes[11], produces a gradual AMOC shut91

down (HFWF).92

Higher SO ventilation from a gradual wind stress intensification (Figs. S1, S2),93

on the other hand, increases AMOC transport to 15 Sv in the SOWind and94

SOWind LDust simulations (Fig. 2a). Thus, a decrease in AMOC transport by95

North Atlantic FWF may be moderated by higher SO ventilation. For example, the96

combined experiment LFWF SOWind LDust gives an AMOC of 11 Sv and 2500 m97

depth, slightly weaker than the modeled LGM. Most importantly, increased SO venti-98

lation may work to stabilize the AMOC upon high North Atlantic FWF. For instance,99

HFWF SOWind LDust exhibits an active AMOC of 8 Sv and 2400 m, as opposed100

to the collapsed circulation of HFWF (Fig. 2a,b).101

Atmospheric tracers102

An AMOC weakening decreases modeled atmospheric CO2 by 6-9 ppm (Fig. 2c), as103

it increases deep ocean carbon storage due to a more sluggish circulation and more104

expansive AABW. In contrast, a gradual 85 % decrease in SO dust flux between 20105

and 15 ka (Fig. S1), consistent with dust flux estimates from ice core data[3], lowers106

SO export production and remineralization in the deep ocean, and produces a gradual107

CO2 increase of 30 ppm (LDust, Fig. 2c). This represents 80 % of the CO2 change108

between 20 and 15 ka BP reconstructed from Antarctic ice cores[10], which suggests109

that lower dust was the major driver of the initial deglacial CO2 incease.110

Higher SO ventilation releases deep carbon to the atmosphere, further increas-111

ing CO2 by 14 ppm (SOWind LDust, Fig. 2c). LFWF SOWind LDust and112

HFWF SOWind LDust exhibit the highest resemblance between modeled and113

reconstructed CO2 curves between 20 and 15 ka, with atmospheric CO2 increasing114

3



33 ppm by 15 ka. These experiments also show the best model-data agreement with115

atmospheric δ13CCO2
reconstructions[24] between 20 and 16 ka (Fig. 2d), although116

some rapid δ13CCO2
changes are not reproduced.117

Deep ocean model-data comparison118

Our simulations suggest that SO processes may explain the vertical gradient decrease119

in Atlantic δ13C observations between the LGM and HS1 (Fig. 3a). Higher SO venti-120

lation and lower atmospheric iron flux increase δ13C in the Indo-Pacific Ocean, and in121

the Atlantic Ocean below 2500 m south of 35◦ N (Fig. S3). On the other hand, North122

Atlantic FWF leads to a decrease of deep ocean δ13C in most regions, which does not123

agree with reconstructed HS1-LGM changes (Figs. 3a, S3).124

The correlation (R), normalized root mean square error (RMSE), and slope of mod-125

eled versus data δ13C can be used to asses the most likely combination of forcings that126

explains the observed data (see Methods). Higher ventilation improves δ13C model-127

data agreement, reflected by simulations with higher R, lower RMSE, and slopes closer128

to 1 (Table 1). The metrics are also improved when North Atlantic FWF are applied129

(LFWF), which produce a stable AMOC that is weaker and shallower than in Con-130

trol. However, a collapsed AMOC as a result of high freshwater fluxes (HFWF)[11],131

does not agree well with deglacial δ13C data (Table 1, Fig. 3). Combining SO venti-132

lation, SO iron flux, and North Atlantic FWF forcings produces the best model-data133

agreement (LFWF SOWind LDust, HFWF SOWind LDust, see Table 1).134

Discussion135

HS1-LGM differences136

A southward shift and strengthening of the Southern Hemisphere Westerlies increases137

SO ventilation and all southern-sourced deep waters, as illustrated by higher dissolved138

oxygen levels in simulations that include that forcing (Fig. S4). In the Atlantic, models139

with higher SO ventilation reproduce the observed early deglacial reduction of vertical140

δ13C gradient (Fig. 3a-b). In the Southern and Indo-Pacific Oceans, the reconstructed141

early deglacial δ13C raise is associated with higher ventilation, as evidenced by the142

agreement between modeled and observed time series when that forcing is applied143

(Fig. 3c-d). Lower atmospheric iron fluxes further increase agreement between model144

and observations (orange dashed-dotted lines in Fig. 3). Simulations that include only145

North Atlantic FWF exhibit lower δ13C values in most of the Atlantic water column146

(light and dark blue solid lines in Fig. 3), in disagreement with observations. Indo-147

Pacific section plots show that our simulations predict LGM to HS1 changes of opposite148

sign than the data unless SO forcings are applied (Fig. S3).149

Physical and biogeochemical processes150

Section and profile plots show that higher SO ventilation and lower export production151

increase δ13C in waters of Antarctic origin (Fig. 3). These processes oxygenate the152

deep ocean (Fig. S4) and induce a transfer of carbon to the atmosphere from the153

SO (Fig. S5), which raises atmospheric CO2 concentration (Fig. 2c). Ventilation has154
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a more limited effect on atmospheric CO2 than export production decrease (dashed155

line in Fig. 2c). This suggests that while SO ventilation is necessary to reproduce156

early deglacial increase in δ13C values in AABW and Indo-Pacific Waters found in157

sediment core data, an export production decrease is necessary to reproduce observed158

atmospheric CO2 changes.159

Radiocarbon ages, which are mostly affected by physics[7], show that an increase160

in SO ventilation produces younger waters in the South Atlantic and Pacific Oceans161

(Fig. S6). This may explain reconstructions from downcore benthic foraminifera[25],162

which in the SO show negative anomalies between HS1 and LGM. On the other hand163

North Atlantic FWF, which reduces AMOC transport and depth (Fig. 2), may explain164

observations of older NADW during HS1[25] (Fig. S6). Model-data agreement improves165

when higher SO ventilation is included in the simulations, as evidenced by the higher166

R and lower RMSE (Table S1).167

Dynamical analysis of the early last deglacation168

Considering all global δ13C data between 20 and 15 ka BP (Fig. 1) and the co-169

located model output, shows that increased SO ventilation produces data-model170

pairs with regression lines closer to the 1:1 line (Fig. S7) in the SOWind Ldust,171

LFWF SOWind Ldust, and HFWF SOWind Ldust simulations (Table 1).172

Modeled time series of mean δ13C differences between the upper and lower Atlantic173

(Fig. 3b), as well as modeled HS1 minus LGM mean vertical profile changes (Fig. 3a),174

illustrate that the deglacial decrease in the Atlantic δ13C vertical gradient is driven by175

processes that increase SO δ13C and propagate that signal to all Antarctic-originated176

water masses (Fig. 3c-d). The four dimensional analysis (Table 1, Fig. S7) indicates177

that simulations that combine SO (ventilation, iron fluxes) and North Atlantic FWF178

forcings give the best representation of deglacial δ13C data between 20 and 15 ka. A179

5◦ poleward shift and strengthening of the Westerlies over the SO (Fig. S5), as sug-180

gested by a combination of planktic foraminiferal δ18O and climate models[6], and181

opal flux reconstructions[26], increases SO ventilation and oxygenates Antarctic waters182

(Fig. S4), increasing δ13C. This propagates young, δ13C-enriched waters to the deep183

Indo-Pacific Ocean and to the lower Atlantic Ocean (Fig. S3).184

Reconstructions of deep ocean δ13C changes between HS1 and the LGM[22] exhibit185

higher values in Indo-Pacific Deep Waters and AABW, and lower values in upper186

NADW (Fig. 1). Our model results suggest that higher ventilation and a reduction in187

atmospheric iron flux (as suggested by ice core reconstructions[3, 27]) explain those188

observations. Combining lower atmospheric iron flux with higher SO ventilation we are189

also able to reproduce LGM to HS1 changes in atmospheric CO2 (Fig. 2), consistent190

with previous hypotheses[7, 8].191

Drivers of the HS1 atmospheric-ocean carbon exchange192

Our results suggest that higher SO ventilation oxygenate the deep ocean and induce193

the early deglacial δ13C increase measured in C. wuellerstorfi in the Indo-Pacific Ocean194

and below 2500 m in the Atlantic Ocean. They agree with previous modeling stud-195

ies that addressed the effects of wind stress on glacial-interglacial atmospheric CO2196
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differences[4, 5, 19], although ventilation could also have been increased by buoy-197

ancy fluxes[28]. The inclusion of North Atlantic FWF to the simulations improves the198

model-data agreement, as LFWF SOWind Ldust and HFWF SOWind Ldust199

give the best comparison metrics among our simulations (Table 1). AMOC shoaling200

produces a negative δ13C anomaly at the NADW/AABW interface where the vertical201

gradients are strong, although the model’s LGM AMOC and thus the δ13C front is202

likely too deep (Fig. S11) in our simulations. Whereas in the observations the δ13C203

minimum is around 2000 m depth, in the model it is around 4000 m depth (Fig.204

S3). Thus our simulations are not conclusive in the effects of North Atlantic FWF205

and AMOC transport in setting up early deglacial deep ocean carbon changes, but206

agree with multi-proxy model-data comparison studies that suggest an active HS1207

AMOC[16, 21, 29].208

We conclude that the most likely early deglacial deep water scenario is one where209

the AMOC is active but shallower than in the LGM (Fig. 4). Increased ventilation in210

Antarctic waters results in oxygenation of Antarctic-sourced Atlantic and Indo-Pacific211

Deep Waters. Deep ocean δ13C increases in those water masses (Fig. 4) accompanied212

by a rise in atmospheric CO2 and a decrease in δ13CCO2
between 20 and 15 ka (Fig.213

2). North Atlantic FWF induce older NADW, with lower values of δ13C than in the214

LGM. The resulting state agrees with most LGM to HS1 δ13C differences captured215

by deep ocean sediment core data (Fig. 4c), and simultanously explains the transfer216

of carbon to the atmosphere that leads to the observed CO2 increase.217

Methods218

The model219

For model simulations we use the global ocean intermediate complexity model of220

the University of Victoria (UVic)[30], version 2.9. Its ocean component consists of a221

3.6◦ × 1.8◦ horizontal resolution grid and 19 vertical levels governed by the primi-222

tive equations. Vertical and isopycnal diffusivities are parametrized, and tidal energy223

dissipation uses a prescribed sub-grid bathymetry[31]. UVic includes a dynamic-224

thermodynamic sea ice model, which accounts for changes in surface salinity[32], and225

a two-dimensional energy-moisture balance atmospheric model which calculates sur-226

face air temperatures and moisture but uses prescribed wind fields. It is also coupled227

with a dynamic land vegetation model[33].228

UVic is equipped with the Model of Ocean Biogeochemistry and Isotopes (MOBI)229

that includes prognostic nutrients (PO4, NO3, Fe, Si), different functional types of230

phytoplankton (phytoplankton, diazotrophs, diatoms), as well as zooplankton, detri-231

tus, and particulate iron. It also includes organic nitrogen and phosphorous, and232

variable iron-binding ligands[34–36]. The model includes interactive carbon isotope233

cycles, which allows one-to-one comparisons between model output and paleotracer234

reconstructions.235
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LGM initial state236

The LGM simulation used as initial condition for our deglaciation experiments includes237

LGM orbital forcings and atmospheric CO2 set constant at 189.7 ppm. The ICE6G-C238

land ice sheet reconstruction[37] corresponding to 20 ka BP is applied to the con-239

tinental orography and is used to calculate the LGM bathymetry for tidal energy240

dissipation[31].241

As in previous works[38], we apply a 40% decrease on SH meridional mois-242

ture diffusivity to account for decreased meridional moisture transport under colder243

conditions[39], a 0.08 Sv negative fresh water flux anomaly over the North Atlantic244

Ocean, and a +1 PSU global salinity anomaly to account for LGM minus Holocene245

sea level differences. Northern Hemisphere wind stress fields are modified with LGM246

minus Late Holocene anomalies calculated from Paleoclimate Model Intercompari-247

son Project models[40]. Because in this work we are interested in the effect of early248

deglacial changes in winds over the SO, for the LGM simulation the region of maximum249

strength of the Westerlies in the Southern Hemisphere is extended 5◦ equatorward250

with respect to wind fields used in previous works (Fig. S2).251

For the biogeochemical component of the model, in the LGM simulations sedimen-252

tary iron fluxes are increased with respect to the preindustrial, accounting for lower253

sea level and more exposed continental shelves[41]. A reconstruction of LGM surface254

atmospheric dust fluxes is used for surface surface soluble iron fluxes[42], including a255

x10 increase over the SO[41].256

This combination of boundary conditions produces a meridional overturning config-257

uration that can be described as “intermediate-shallow”[38], with an interface between258

the AMOC and AABW cells at depth 2600 ± 200 m and a maximum AMOC trans-259

port at 25◦ N of 13 Sv (Fig. S8). For comparison, a preindustrial simulation in UVic260

exhibits an AMOC interface of 3000± 200 m depth and maximum AMOC transport261

at 25◦ N of 17 Sv. AABW and lower NADW occupy a higher portion of the Atlantic262

Ocean and are less ventilated in the LGM simulation than in the preindustrial, as263

can be seen in basin zonal means of dissolved O2 (Fig. S9). The core of glacial upper264

NADW, identified with the 0.24 mol/m3 isoline, becomes 700 m shallower in the LGM265

compared with the preindustrial simulation. The Indo-Paficic also exhibits lower ven-266

tilation, with lower dissolved O2 values in most of its volume. Zonal mean δ13C of267

DIC (Fig. S10) exhibits lower isotope rations in AABW and lower glacial NADW in268

the LGM simulation, accounting for higher isolation due to extended winter sea ice in269

both hemispheres, as well as higher SO EP[38]. The interface between upper glacial270

NADW and AABW/lower glacial NADW is pushed upwards in the water column, as271

suggested by most reconstructions based on δ13C of benthic foraminifera in sediment272

cores[20, 43].273

δ13C of DIC in our LGM simulation shows a deep water mass structure similar to274

results from a recent global compilation of δ13C of C. wuellerstorfi reconstructions[22]275

in the general pattern, yet sight differences are observed. To quantify the model and276

data discrepancies, we first transform modeled δ13C of DIC into δ13C of C. wueller-277

storfi using a core top calibration[44]. We normalize the model minus data δ13C at278

each core site with the combined model and data LGM minus Late Holocene global279

δ13C difference (calculated by error propagation methods to be 0.54 permil). The time280
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slice from the global compilation used for the model-data comparison is 22−20 ka BP.281

Indo-Pacific and South Atlantic Oceans exhibit a good model-data agreement in most282

sites (Fig. S11), with model-data discrepancies ranging between 0 and 0.3 permil. In283

the North Atlantic, higher discrepancies occur between 2000 and 3000 m, because of a284

deeper AABW-upper glacial NADW interfase simulated in the model than predicted285

by the data (orange-brown colors in Fig. S11e). As a result of this bias, a shoaling of286

the AMOC in the model leads to δ13C vertical minima that are deeper than in the287

observations. Nevertheless, modeled end-member NADW and AABW δ13C values are288

in good agreement with the data.289

Deglacial simulations290

We assess the individual effects of different forcings on changes in global ocean dis-291

tribution of δ13C in the 20-15 ka BP interval using different forcing scenarios (Fig.292

S1).293

Control 0 is a continuation between 20 and 15 ka of the LGM simulation.294

Control includes transient changes in land ice sheets calculated after the ICE6G-295

C reconstruction[37], which represent an 8% decrease between 20 and 15 ka BP in the296

ice sheet volume of the Northern Hemisphere. The effect on the physics of the Global297

Ocean in a coarse resolution model due to the changes in orography associated with298

this reduction in the Northern Hemisphere land ice sheets is very limited[45]. We thus299

use Control as the baseline simulation for the rest of deglacial experiments, and will300

not further discuss differences between Control and Control 0.301

LDust is as Control but a gradual reduction in atmospheric iron flux is applied.302

The reduction was calculated by scaling atmospheric soluble iron flux over the SO303

with the early last deglaciation decrease on dust flux determined from Antarctic ice304

cores[3]. This results in a 85 % decrease between 20 and 15 ka (Fig. 4), in line with305

estimates of deglacial soluble iron flux changes from ice cores[27].306

LFWF is as Control but surface FWF are applied between 20 and 15 ka in the307

North Atlantic, North-East Pacific, and SO (around Patagonia), to account for glacier308

discharge from the melting of land ice sheets. The grid boxes where the fresh water309

fluxes were applied, as well as the fraction of that flux going into each region, follow a310

glacier discharge plume map determined from a drainage network model (Fig. S12)[46].311

Most (93 %, 0.053 Sv) of that flux goes into the North Atlantic Ocean, and only 10312

and 6 % go into the North-East Pacific and Southern Oceans, respectively. The total313

FWF applied is 0.061 Sv, calculated after an estimate of volume equivalent sea level314

change during the first 3 ka of the last deglaciation, reconstructed from coral and315

sediment records[11]. That volume equivalent sea level change reconstruction suggests316

fresh water fluxes of 0.061 Sv between 20 and 17 ka BP, and of 0.100 Sv between 17317

and 15 ka BP. Applying 0.053 Sv between 20 and 15 ka in the LFWF simulation318

functions as a lower limit for the effects of FWF to the deglacial ocean. It produces319

an AMOC that is weaker and shallower than in Control, but is still active (Fig. 2).320

HFWF is as LFWF but the fresh water forcing is increased to 0.087 Sv between321

17 and 15 ka, following estimates of volume equivalent sea level change during that322

interval[11]. In this case, the transport of the AMOC linearly decreases and collapses323

by 15 ka BP (Fig. 2).324
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SOWind is as Control but a 5◦ poleward shift and a gradual strengthening325

in the zonal wind stress over the SO are applied (Fig. S2). These changes follow326

qualitative estimates of differences between LGM and Holocene wind stress in sup-327

polar regions[5, 6]. Some of the Paleoclimate Model Intercomparison Project models,328

equipped with a three dimensional atmosphere coupled to the ocean component, pre-329

dict lower wind stress intensity over the SO in their LGM simulations[47]. The wind330

stress strengthening applied in SOWind serves as a way to study the sensitivity of331

deep ocean tracers to changes in SO ventilation, although ventilation changes could332

also have been forced by buoyancy fluxes[28].333

SOWind LDust is a combination of the SOWind and LDust simulations.334

LFWF SOWind LDust is a combination of the LFWF and SOWind LDust335

simulations.336

HFWF SOWind LDust is a combination of the HFWF and SOWind LDust337

simulations.338

Four-dimensional model-data comparison339

We compare the 20-15 ka model output δ13C of DIC from the model simulations340

with a data base of Cibicidoides wuellerstorfi δ13C from globally-distributed deep sea341

sediment cores[22]. Modeled δ13C of DIC is transformed into C. wuellerstorfi δ13C by342

applying a regression calculated after Late Holocene data[44]. Because of the dynamics343

of the early last deglaciation, a four dimensional approach is used for the model-data344

comparison. We extract the model output δ13C of the nearest grid box at each core345

location, corresponding to the ages given by their downcore age model[22]. This is346

different to past efforts where a fixed time interval was defined, and a three dimensional347

model-data comparison was performed inside that interval[38, 48, 49].348

To avoid bioturbation issues in the data, we perform the analysis only including349

sites that have a time resolution higher than 1 ka between 20 and 15 ka BP. The350

number of samples in the statistical analysis is 2040, much larger than in previous351

works that used a time slice approach and thus used only one averaged data point per352

coring site (∼ 300− 400 samples[38]).353

We use three different statistical metrics to measure the level of agreement between354

model and data δ13C in the Global Ocean: Correlation coefficient (R), global bias-355

corrected root-mean square error (RMSE), and slope of model versus data scatter plot.356

RMSE is normalized by the combined model and data LGM minus Late Holocene357

global δ13C difference (0.54 permil). This way, RMSE values smaller than 1 present358

a model-data disagreement smaller than the estimated glacial-interglacial δ13C differ-359

ence. The model versus data scatter plot is constructed for each model experiment,360

using data points between 20-15 ka at all core sites of the δ13C data base (Fig. S7).361

In a perfect model-data agreement, all points should coincide with the 1:1 line. Thus,362

simulations with better model-data agreement have slopes closer to 1.363

Supplementary information. This article includes Supplementary figures and a364

table.365
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Table 1 Summary of deglacial simulations, and results of a four dimensional model-data comparison

using downcore C. wuellerstorfi δ13C from sites with > 1 ka resolution[22]. RMSE is normalized by
the combined model and data LGM minus Late Holocene global δ13C difference (0.54 permil). Slope
was calculated from model versus data scatter plots of each simulation (Fig. S7). AMOC and export
production were calculated averaging the last 1 ka of simulations. Statistical metrics were calculated
for data points between 20 and 15 ka. Offsets in global mean δ13C between simulations and data were
removed to calculate de metrics. The final state of the HFWF simulation is a collapsed AMOC.

Simulation AMOC (Sv) AMOC depth (m) EP (Pg C/a) R RMSE Slope

Control 12.7 2672 19.2 0.75 0.74 0.74
Ldust 13.3 2692 18.8 0.76 0.69 0.83
SOWind 14.4 2671 19.3 0.78 0.68 0.82
SOWind Ldust 15.1 2735 18.3 0.78 0.65 0.91
LFWF 09.2 2437 17.9 0.78 0.69 0.78
HFWF 02.5 1548 16.7 0.68 0.82 0.69
LFWF SOWind Ldust 10.7 2551 18.0 0.80 0.63 0.91
HFWF SOWind Ldust 07.7 2396 17.7 0.80 0.62 0.93
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Fig. 1 (top) Coring sites with time resolution higher than 1 ka used in this work[22]. Color scale
indicates HS1 minus LGM δ13C differences from C. wuellerstorfi tests. (bottom) The same data as
in the top panel, but represented as zonally-collapsed sections in (right) the Indo-Pacific and (left)
the Atlantic Oceans.
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Fig. 2 Time series of maximum AMOC transport at 25◦ N, mean depth of the interfase between
AMOC and AABW cells (25◦ S - 25◦ N), and atmospheric CO2 and δ13C from our simulations.
Atmospheric tracer plots include reconstructions from Antarctic ice cores[10, 24].
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Fig. 3 (a) Atlantic low-latitude (40◦ S - 40◦ N) profile plot of zonally- and meridionally-averaged
δ13C differences between the 15 − 17 and 20 − 22 ka time slices from C. wuellerstorfi data and our
simulation results. Averages calculated from the model output using grid boxes co-located with the
data. Data and model output were averaged in 500 m intervals. The zero change line is indicated in
green. Results for the HFWF simulation lie mostly outside of the plot’s horizontal range. (b) Time
series of δ13C differences between the upper (< 2500 m) and lower (> 2500m) low-latitude (40◦ S
- 40◦ N) Atlantic, from C. wuellerstorfi data and our simulations results. (c) Time series of δ13C
from the SO (south of 30◦ S), from C. wuellerstorfi data and our simulations results. (d) as c), but
for Indo-Pacific Ocean. Model means are calculated using grid boxes co-located with the data, and
averaged over 0.5 ka intervals. Time series corresponding to the data are smoothed using a 0.5 ka
boxcar filter. Time series of model outputs are shifted in order to coincide with the reconstructions
at the oldest data point.
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Fig. 4 Modeled (a) HS1 and (b) LGM scenarios, taken from the LFWF SOWind Ldust sim-
ulation. Contours correspond to meridional streamfunction in Sv, and shadings correspond to
modeled zonally-averaged δ13C of DIC, transformed into δ13C of C. wuellerstorfi by using a core-top
calibration[44]. FWF, SHW, and atmospheric Fe fluxes applied at each time slice are included in the
plots, as well as SO ventilation depths. (c) Comparison between model output and paleoceanographic
data[22]: δ13C differences from the two time slices, with zonally-collapsed data overlayed using the
same color scale. The simulation is able to reproduce the strucutre of HS1 minus LGM changes in
deep water δ13C in Atlantic and Indo-Pacific ocean basins.
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Table S1 Model-data R and RMSE for
benthic minus atmospheric radiocarbon ages
from a subset of our simulations and a global
data compilation[1]. The subset was chosen to
focus the analysis on the physical effects on
radiocarbon ages.

Simulation R RMSE (14C a)

Control 0.56 574
Ldust 0.63 483
SOWind 0.66 448
SOWind Ldust 0.69 385
LFWF 0.54 658
HFWF 0.60 602
LFWF SOWind Ldust 0.68 455
HFWF SOWind Ldust 0.67 469
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Fig. S1 Main transient forcings applied to our simulations. (a) Northern Hemisphere land ice sheet
volume, (b) North Atlantic Fresh Water Fluxes, (c) Southern Ocean zonal wind stress, (d) Southern
Ocean atmospheric iron flux.
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Fig. S2 Zonally-averaged zonal wind stress applied in our simulations. The red curve corresponds
to the field used in our LGM initial condition simulation. The green solid curve corresponds to the
field used in the final state (15 ka) of SOWind, SOWind Ldust, LowFWF SOWind Ldust,
and HighFWF SOWind Ldust simulations. The dashed green curves correspond to the transition
fields from 20 to 15 ka. Weak SOWind LDust deglacial simulation. The black curve corresponds
to the field used in LGM simulations of Muglia and Schmittner (2021)[2].
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Fig. S3 Section plots of zonally-collapsed (left) Indo-Pacific and (right) Atlantic δ13C differences
between HS1 and LGM time slices in the data[3] and our simulations, as indicated. Model output
was extracted at the data locations.
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Fig. S4 Zonally-averaged dissolved O2 difference between the 15-17 and 20-22 ka model intervals in
our simulations, as indicated.
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Fig. S5 Differences in upward carbon flux from the surface ocean to the atmosphere between 15-17
and 20-22 ka model intervals in our simulations.
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Fig. S6 Zonally-averaged radiocarbon age difference between the 15-17 and 20-22 ka model intervals
in our simulations, as indicated. Overlayed are differences using the same time slices from a benthic
foraminifera radiocarbon age data compilation[1].
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Fig. S7 δ13C model versus data scatter plots for the 15-20 ka time interval. Black lines correspond
to the 1:1 line. Blue lines correspond to the model versus data linear regression. Color and symbol
codes represent different ocean basins. The slopes associated with the linear regressions are listed in
Table 1. Offsets in global mean δ13C between simulations and data were removed to produce the
figure and calculate the linear fits.
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Fig. S8 Meridional streamfunction plots of our LGM initial condition and preindustrial simulations.
Red(blue) colors indicate nortward(southward) overturning in the upper part of each cell as a function
of latitude and depth. Ocean basins are indicated in the plot.
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Fig. S9 Zonally-averaged dissolved O2 in our (top) LGM initial condition and (bottom) preindustrial
simulations. Ocean basins are indicated in the plot.
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Fig. S10 As Fig. S9, but for δ13C of DIC.

S12



0

2000

4000

6000

De
pt

h 
(m

)

Indo-Pacific 13C data (permil)

a)

Atlantic 13C data (permil)

b)

Latitude ( N)

0

2000

4000

6000

De
pt

h 
(m

)

Indo-Pacific 13C mod. output (permil)

c)

Latitude ( N)

Atlantic 13C mod. output (permil)

d)

50050
Latitude ( N)

0

2000

4000

6000

De
pt

h 
(m

)

Indo-Pacific normalized | 13C|

e)

50 0 50
Latitude ( N)

0

2000

4000

6000
Atlantic normalized | 13C|

f)

1.00

0.75

0.50

0.25

0.00

0.25

0.50

0.75

1.00

0.50

0.25

0.00

0.25

0.50

0.75

1.00

1.25

1.50

0.0

0.5

1.0

1.5

2.0

Fig. S11 (a-b) δ13C of C. wuellerstorfi from a high-resolution, global database[3]. (c-d) δ13C of
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(e-f) Absolute value of difference between model and data δ13C, normalized by the combined model
and data LGM minus Late Holocene global δ13C difference (0.54 permil)
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Fig. S12 Fresh water fluxes applied in some of our deglacial simulations. (left) Fluxes used in the
LFWF and LFWF SOWind Ldust experiments between 20 and 15 ka, and in the HFWF and
HFWF SOWind Ldust experiments between 20 and 17 ka. (right) Fluxes used in the HFWF and
HFWF SOWind Ldust experiments between 17 and 15 ka.
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