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Abstract 11 

How ENSO-related atmospheric feedbacks respond to greenhouse warming remains 12 

uncertain. Using 31 CMIP6 models, we examine how future climate conditions alter the 13 

vertical structure of ENSO-related zonal winds and their transmission to surface wind 14 

stress. The multi-model mean shows that the 850-hPa zonal-wind response to Niño 3.4 sea 15 

surface temperature (SST) anomalies strengthens by about 29% in 2070–2100 relative to 16 

1970–2000, whereas the zonal wind-stress response increases by only about 10%. This 17 

contrast reflects weakened coupling between the lower-free-troposphere and the 18 

boundary layer. We find that models with greater mid-tropospheric moistening exhibit 19 

an upward-shifted ENSO-related ascent profile, which weakens the projection of lower-20 

free-tropospheric wind anomalies onto the boundary layer. Wind-stress decomposition 21 

further indicates that weakening of this coupling offsets about 8% of the projected 22 

enhancement. These results identify vertical atmospheric decoupling as a damping 23 

pathway that limits amplification of ENSO-related surface wind-stress feedbacks under 24 

global warming.  25 
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The El Niño-Southern Oscillation (ENSO) is the dominant mode of interannual 26 

climate variability , driven by coupled ocean-atmosphere interactions in the tropical Pacific1,2. 27 

Through atmospheric and oceanic teleconnections, ENSO exerts its influence far beyond the 28 

tropical Pacific, modulating large-scale circulation patterns across the globe3,4. These remote 29 

effects include precipitation anomalies and droughts5, shifts in surface temperature6, and 30 

substantial and persistent socioeconomic losses7. Extreme events may also trigger long-lasting 31 

reorganizations of regional climate regimes8. Despite its global impacts, accurately predicting 32 

and projecting ENSO’s amplitude and periodicity remains challenging due to the complexity 33 

of the coupled ocean-atmosphere feedbacks that govern its evolution1,9. How ENSO variability 34 

will respond to increasing greenhouse gas concentrations remains one of a major uncertainty 35 

in climate science10–12. 36 

One major effort toward understanding future ENSO uncertainty has focused on 37 

identifying how the coupled feedback processes governing ENSO are altered under greenhouse 38 

warming13–17. Previous studies have primarily emphasized oceanic controls, highlighting the 39 

role of enhanced upper-ocean stratification, thermocline feedback changes, and subsurface 40 

ocean dynamics in modulating future ENSO variability10,15,18. Differences in these simulated 41 

oceanic processes are also considered an important source of inter-model uncertainty in future 42 

ENSO projections19,20. However, ENSO fundamentally arises from coupled ocean-atmosphere 43 

interactions, implying that changes in atmospheric feedback processes are just as important as 44 

oceanic processes in determining the overall strength of ENSO coupling. Atmospheric 45 

responses determine how SST anomalies generate surface wind stress, thereby directly 46 

influencing the efficiency of the Bjerknes feedback3,21,22. 47 

Recent studies highlight that greenhouse warming fundamentally alters the 48 
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thermodynamic structure of the tropical atmosphere, characterized by enhanced upper-49 

tropospheric warming and increased tropospheric moisture23,24. While the role of atmospheric 50 

processes in modulating future ENSO amplitude has been widely acknowledged25, the 51 

dynamical implications of these warming-induced thermodynamic shifts for ENSO 52 

atmospheric feedbacks are not fully understood. Because ENSO feedbacks are fundamentally 53 

mediated through tropical convective and circulation responses to SST variations, shifts in the 54 

vertical thermodynamic structure of the atmosphere may substantially alter how ENSO-related 55 

diabatic heating generates large-scale circulation anomalies. However, how these 56 

thermodynamic changes alter the vertical coupling among convective heating, atmospheric 57 

wind responses, and surface wind stress—and thereby affect ENSO strength—remains unclear. 58 

In this study, we examine the atmospheric dynamical processes governing the ENSO-59 

driven atmospheric response under future climate conditions. We find a robust weakening of 60 

vertical coupling across models, whereby the free-tropospheric wind response to sea surface 61 

temperature anomaly (SSTA) strengthens under future warming while the surface wind stress 62 

response fails to increase commensurately. Here, we refer to this relative weakening of vertical 63 

coupling as boundary-layer–lower-free-troposphere decoupling. This decoupling is stronger in 64 

models that simulate greater increases in mid-tropospheric specific humidity, suggesting that 65 

moisture-related changes in the vertical structure of convection reduce the transmission of 66 

lower-free-tropospheric wind anomalies to the surface. By identifying this atmospheric 67 

pathway, we provide a mechanistic framework that complements ocean-centered explanations 68 

of future ENSO amplitude change and clarifies how coupled atmosphere-ocean feedbacks may 69 

evolve under greenhouse warming.70 
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Results 71 

Boundary Layer-Lower-Free-Troposphere Decoupling 72 

We first characterize the projected decoupling between the atmospheric boundary layer 73 

and the lower free troposphere across 31 CMIP6 models and then investigate the physical 74 

mechanisms responsible for this change. To this end, we calculated ENSO amplitude as the 75 

standard deviation of the DJF Niño 3.4 Index with a 31-year moving window. The ENSO 76 

amplitude simulated by the 31 models exhibits a nonlinear evolutionary pattern over the 1970-77 

2100 period (Figure 1a), where values are expressed as the percentage change relative to each 78 

model’s initial state (1985 Niño 3.4 variability). Notably, the amplitude increases until the mid-79 

21st century and then declines. These nonlinear trajectories are consistent with findings reported 80 

in several previous studies 13,15. In the multi-model ensemble mean, ENSO amplitude for the 81 

window centered on 2085 shows a modest net increase of approximately 6.6% relative to 1985; 82 

however, individual model responses exhibit a substantial spread, ranging from −3.0% to 83 

15.7%. This wide inter-model spread underscores the persistent uncertainty in projecting future 84 

ENSO amplitude11,14 and motivates a closer examination of the underlying atmospheric and 85 

oceanic processes that govern these divergent responses.  86 

To understand the future evolution of ENSO, it is essential to examine the structural 87 

changes in the atmospheric and oceanic fields associated with ENSO, as these shifts can 88 

directly feed back into and modulate the ENSO amplitude itself. We focus on these variations 89 

by performing a linear regression of atmospheric and oceanic variables onto the Niño 3.4 Index, 90 

an approach that isolates the ENSO-driven component of each field and allows us to track how 91 

its intensity and spatial structure are transformed under warming. We then calculate the 92 

difference in the regressed coefficient between the late twenty-first century (2070-2100) and 93 
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present day (1970-2000) periods. This difference, denoted by Δܺ, is hereafter referred to as 94 

the future change. For each variable X, it is defined as follows: 95 

∆ܺ =  ܺ2070−2100 − ܺ1970−2000 96 

Figure 1b presents the relationship between Δܷ850 – the projected change in the El 97 

Niño-related 850 hPa zonal wind response over the Niño 4 region – and ΔENSO amplitude, 98 

defined as the change in the DJF Niño 3.4 standard deviation calculated over a 31-year moving 99 

window. The Niño 4 region was selected because it exhibits the most robust low-level wind 100 

fluctuations during ENSO events. In the multi-model ensemble mean, the 850 hPa zonal wind 101 

response to ENSO intensifies by approximately 29% under future warming, while the overall 102 

ENSO amplitude increases by only approximately 6.6%. This stark contrast between a robust 103 

atmospheric strengthening and a muted ENSO response is already apparent at the ensemble-104 

mean level. Across individual models, however, changes in ENSO amplitude show no coherent 105 

relationship with the near-universal strengthening of the 850-hPa wind response (r = −0.16).  106 

This lack of correlation is particularly noteworthy because, from the perspective of air-107 

sea interaction, an enhanced atmospheric response is theoretically expected to further amplify 108 

the ocean response and thereby increase the ENSO growth rate. In principle, the low-level wind 109 

response acts as a common multiplicative factor that strengthens all positive feedback terms 110 

contributing to ENSO growth21,22,26. Although previous studies have implicitly assumed that a 111 

stronger atmospheric response leads to heightened oceanic forcing and, consequently, 112 

increased ENSO amplitude14, our CMIP6 results indicate a mismatch within this expected 113 

causal chain under global warming. A key to resolving this apparent contradiction lies in 114 

recognizing that the ocean responds primarily to surface wind stress rather than lower-free-115 

tropospheric winds. However, the transmission of atmospheric circulation anomalies to the 116 
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ocean surface is strongly modulated by boundary-layer processes, which can substantially 117 

attenuate the signal27,28. Under greenhouse warming, this atmosphere–ocean coupling pathway 118 

may weaken. Consequently, although the ENSO-related ܷ850  response intensifies in the 119 

future, its transmission to the ocean surface becomes less efficient, resulting in a much weaker 120 

increase in surface wind stress. 121 

To directly examine the degree to which the enhanced lower-free-tropospheric wind 122 

response is transmitted to the ocean surface through this transmission pathway, we analyzed 123 

the ENSO-regressed zonal wind stress (τ௫) pattern and its projected changes under SSP5-8.5. 124 

The MME mean reveals that while the 850 hPa zonal wind response intensifies by 125 

approximately 29% (inter-model range: 17.6%), the corresponding increase in τx amounts to 126 

only 9.3% (range: 10.7%) – a disparity that is consistent across nearly all individual models 127 

(Figure 1c). This pronounced attenuation indicates that the strengthened atmospheric signal in 128 

the lower free troposphere is substantially damped before reaching the ocean surface, with the 129 

two quantities responding to warming in a disproportionate manner. This disparity implies that 130 

atmosphere-ocean momentum transfer is considerably less efficient in the future climate than 131 

the lower-free-tropospheric response alone implies, thereby providing a possible explanation 132 

for the weak correspondence between Δܷ850 and ENSO amplitude change identified in Figure 133 

1b. To further characterize the spatial coherence of this attenuation, we next examine the 134 

horizontal distribution of the future changes across multiple atmospheric levels. 135 

Figure 2 shows the multi-model ensemble mean of the future changes (Δ ) in the 136 

atmospheric variables (ܷ850 , 1ܷ000 , τ௫ ) regressed onto the Niño 3.4 index. The 850 hPa 137 

westerly response strengthens robustly across the central equatorial Pacific, particularly over 138 

the Niño 4 region. The corresponding enhancement is substantially weaker at 1000 hPa. The 139 
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surface wind stress response also exhibits a less spatially extensive strengthening over the 140 

central equatorial Pacific. This progressive weakening of wind response enhancement from the 141 

lower free troposphere toward the surface over the Niño 4 region suggests that ‘Boundary 142 

Layer-Lower-Free-Troposphere Decoupling’ — wherein the enhanced lower-free-143 

tropospheric wind response fails to penetrate effectively to the ocean surface — is a consistent 144 

feature of future climate projections. In the following analysis, we focus primarily on the 145 

mechanisms responsible for the attenuated strengthening of the 1000 hPa wind response before 146 

addressing the additional damping effect inherent in the wind stress transformation. 147 

To gain a more detailed understanding of the ‘Boundary Layer-Lower-Free-148 

Troposphere Decoupling’, we analyzed the vertical profiles of the zonal wind response 149 

averaged over the Niño 4 region (Figure 3a). In the present-day climate, the atmospheric 150 

response to ENSO exhibits a prominent first-baroclinic structure, characterized by low-level 151 

westerlies and upper-level easterlies separated by a nodal point where the wind response 152 

changes sign. A striking feature in the future climate projections is the distinct upward shift of 153 

this nodal point, alongside a general intensification of the zonal wind response across much of 154 

the lower troposphere. However, this strengthening is highly altitude dependent. While the 155 

enhancement of the westerly response is concentrated in the free troposphere (above 850 hPa), 156 

the near-surface change at the 1000 hPa remains marginal. The upward shift of the nodal point 157 

reflects an upward-shifted ENSO-related circulation structure, with weaker projection of 158 

lower-free-tropospheric wind anomalies onto the boundary layer. Because these vertical shifts 159 

in the wind response are closely tied to changes in the vertical distribution of convective heating, 160 

we next investigate the atmospheric processes responsible for the growing contrast between 161 

the strong intensification at 850 hPa and the weak surface wind stress response.  162 

163 
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Top-heavy convective structure under future warming 164 

Building on the identification of the ‘Boundary Layer-Lower-Free-Troposphere 165 

Decoupling’ in the previous section, we now investigate the physical mechanisms underlying 166 

this phenomenon. We first examine whether the vertical structure of ENSO-induced ascent 167 

changes under future warming, as such a shift can alter how the atmospheric wind response 168 

projects onto the boundary layer and lower free troposphere. To compare the vertical structure 169 

across models and climate states, we use normalized vertical profiles of the omega response to 170 

ENSO SSTA over the Niño 4 region (Figure 3b). Each profile is normalized by the magnitude 171 

of its peak upward-motion response, allowing us to focus on changes in the vertical distribution 172 

of the response rather than differences in its absolute magnitude. In the present-day climate, 173 

the Niño 4 region, a key area for deep convection during El Niño, exhibits a broad maximum 174 

in upward motion in the mid-troposphere. In the future climate, however, the peak of the omega 175 

response shifts upward, while the relative amplitude of ascent in the lower troposphere weakens. 176 

Because vertical motion in the tropical lower free troposphere is closely constrained by diabatic 177 

heating through the balance between diabatic warming and adiabatic cooling29,30, this upward 178 

displacement of the omega profile is consistent with a more top-heavy diabatic heating 179 

structure. Such a vertical reorganization can concentrate the ENSO-induced wind response 180 

more strongly above the boundary layer while reducing its projection onto the boundary layer, 181 

providing a physical basis for the enhanced ܷ850 response and the muted surface wind stress 182 

response identified in the previous section.  183 

To explore the thermodynamic pathway associated with the upward shift of the ascent 184 

profile, we next examine the vertical profiles of specific humidity (ݍ) and relative humidity 185 

(RH) over the Niño 4 region (Figure 3c, d). In the future climate, ݍ increases throughout the 186 
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troposphere, indicating a broad increase in the absolute moisture content of the atmosphere. 187 

This increase is consistent with Clausius–Clapeyron scaling, under which saturation specific 188 

humidity increases with temperature if relative humidity does not decrease substantially24. 189 

Thus, part of the increase in q can be interpreted as a direct thermodynamic consequence of 190 

tropospheric warming. A related warming-driven mechanism is the upward displacement of the 191 

freezing or melting level, which can shift microphysical phase-change processes and the 192 

associated diabatic-heating structure toward higher altitudes, thereby contributing to a more 193 

top-heavy convective profile31. 194 

However, ݍ alone does not indicate whether the free troposphere becomes moister 195 

relative to saturation. The RH profile addresses this point and shows a distinct increase in the 196 

mid-troposphere. This feature is consistent with previous studies that have attributed tropical 197 

mid-tropospheric moistening under warming to changes in last-saturation history and moisture 198 

transport pathways, including nonlocal thermodynamic control and circulation-driven 199 

increases in the transport of air whose last saturation occurred locally or nearby32,33. Such 200 

enhanced mid-tropospheric moisture can reduce entrainment-driven dilution of convective 201 

updrafts, thereby helping to maintain parcel buoyancy in the free troposphere and promoting 202 

deeper convection. This environment may favor an upward-shifted diabatic-heating profile, 203 

consistent with previous studies highlighting the critical role of mid-tropospheric humidity in 204 

regulating convective depth and organization34–36. Thus, the upward shift of the ascent structure 205 

may reflect both the background thermodynamic effects of warming, including melting-level 206 

rise, and the more direct convective influence of enhanced mid-tropospheric humidity. 207 

If the upward shift of the ascent structure indeed weakens the dynamical linkage 208 

between the lower free troposphere and the boundary layer, such a change should be reflected 209 
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in a quantitative measure of vertical wind coupling. To test this idea, we define the Boundary 210 

Layer-Lower-Free-Troposphere Coupling Index (BFC index; ܫBFC). ܫBFC is calculated as the 211 

ratio of the ENSO-regressed zonal wind response at 1000 hPa to that at 850 hPa over the Niño 212 

4 region, expressed as 1ܷ000/ܷ850. This index measures the degree to which wind anomalies 213 

in the lower free troposphere are reflected near the surface. A larger ܫBFC indicates stronger 214 

vertical coupling between the 850 hPa wind response and the 1000 hPa wind response, whereas 215 

a smaller index indicates weaker coupling between the lower free troposphere and the boundary 216 

layer. Thus, changes in ܫBFC provide a diagnostic measure of whether the enhanced lower-free-217 

tropospheric wind response under future warming is effectively transmitted downward to the 218 

near-surface atmosphere. 219 

Figure 4a shows the projected changes in the ܫBFC  between the future and present 220 

climates across the 31 climate models. Out of the 31 models analyzed, 29 (approximately 93%) 221 

simulate a decrease in ܫBFC  under future warming, indicating a robust weakening of the 222 

vertical coupling between the boundary layer and the lower free troposphere. The consistency 223 

of this response across models provides strong support for the interpretation that future 224 

warming reduces the efficiency with which lower-free-tropospheric wind anomalies are 225 

transmitted to the surface. Despite this robust signal, the magnitude of the ܫBFC  reduction 226 

varies considerably among models (Figure 4a), suggesting that the strength of the decoupling 227 

depends on differences in the simulated thermodynamic and convective responses. This inter-228 

model spread motivates further investigation into the physical factors controlling the ܫBFC 229 

change. 230 

To identify the physical factors controlling the inter-model spread in the ܫBFC change, 231 

we examined the relationship between the BFC weakening, defined as −∆ܫBFC, and several 232 
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key variables over the Niño 4 region, including sea surface temperature (SST), precipitation, 233 

and mid-tropospheric q  (Figure 4b). SST and precipitation show significant positive 234 

correlations with the BFC weakening (r = 0.56 and 0.51, respectively), indicating that stronger 235 

local warming and convective responses are associated with greater decoupling. However, the 236 

strongest relationship is found for mid-tropospheric q, which exhibits a substantially larger 237 

correlation (r = 0.71). Because changes in q reflect both the thermodynamic water-vapor 238 

increase associated with warming and additional moisture redistribution in the free troposphere, 239 

this result suggests that the combined effects of thermodynamic moistening and moisture 240 

redistribution in the mid-troposphere are most closely associated with the weakening of the 241 ܫBFC. 242 

Because mid-tropospheric moisture emerges as the variable most strongly correlated 243 

with BFC weakening, we next examine whether this relationship depends on altitude. Figure 244 

4c shows the vertical profile of ݎ (Δ(݌)ݍ, −ΔܫBFC), where Δ(݌)ݍ denotes the future change 245 

in specific humidity at each pressure level. The correlation is strongest between 400 and 700 246 

hPa, indicating that moisture changes within the mid-troposphere are most closely associated 247 

with the future weakening of the boundary-layer–lower-free-troposphere coupling. Notably, 248 

this altitude range coincides with the layer exhibiting the largest increases in both ݍ and RH 249 

(Figure 3c,d), suggesting that the enhanced mid-tropospheric moistening identified above is 250 

also the component most strongly linked to the inter-model spread in the BFC response. 251 

To further examine how mid-tropospheric moistening is reflected in the vertical 252 

circulation structure, we performed a composite analysis by selecting the ten models with the 253 

largest increase in mid-tropospheric specific humidity (High-q group) and the ten models with 254 

the smallest increase (Low-q group) (Figure 5). The High-q group exhibits a distinctly more 255 
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top-heavy omega profile, with the maximum ENSO-induced ascent displaced toward the upper 256 

troposphere, whereas the Low-q group retains a broader mid-tropospheric maximum (Figure 257 

5f, g). This difference in the vertical structure of ascent is accompanied by a clear contrast in 258 

the wind response. Although the High-q group shows a substantially larger projected increase 259 

in the 850 hPa westerly response, the corresponding enhancement at 1000 hPa is much weaker 260 

(Figure 5a, c), resulting in a reduced ܫBFC . In contrast, the Low-q  group exhibits a more 261 

vertically coherent wind response, allowing the lower-free-tropospheric wind anomalies to 262 

project more efficiently onto the boundary layer. The vertical profile of the zonal wind response 263 

further illustrates this difference, showing that stronger mid-tropospheric moistening is 264 

associated with enhanced wind anomalies above the boundary layer but comparatively limited 265 

strengthening near the surface (Figure 5e). Collectively, these composite results provide 266 

structural evidence that the stronger moistening within the mid-troposphere is accompanied by 267 

an upward reorganization of the ascent profile and a weakening of boundary layer–lower-free-268 

troposphere coupling. While these composites illustrate the contrasting circulation structures 269 

associated with mid-tropospheric moistening, they compare only the opposite tails of the model 270 

distribution. We therefore next introduce a continuous metric that objectively quantifies the 271 

vertical displacement of the ascent profile across the full ensemble. 272 

To quantify the vertical displacement of the ENSO-induced ascent profile, we defined 273 

the Center of Ascent (CoA), representing the pressure-weighted centroid of upward motion. 274 

This metric identifies the representative pressure level at which the ascent response is 275 

concentrated and provides an objective measure of the vertical position of the convective 276 

circulation. The CoA is calculated as 277 
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஼ܲ௢஺ = ∑ (−ωi)pii∑ (−ωi)i  278 

where pi denotes pressure and ߱௜ is the pressure velocity, and the summation is performed 279 

only over ascending motion (ω < 0). Lower values of ஼ܲ௢஺ therefore indicate that the ascent 280 

profile is centered at higher altitudes. Using this metric, we find that models with larger 281 

increases in mid-tropospheric q exhibit more negative ∆ ஼ܲ௢஺  (Figure 6a), indicating that 282 

enhanced moistening is associated with an upward displacement of the ascent centroid. This 283 

relationship supports the composite results shown in Figure 5 by demonstrating that the linkage 284 

between mid-tropospheric moistening and the vertical reorganization of the ascent profile holds 285 

across the full ensemble of 31 climate models. 286 

Furthermore, changes in ஼ܲ௢஺ are positively correlated with changes in the BFC index 287 

(r = 0.58; significant at the 99% confidence level), indicating that models with a larger upward 288 

displacement of the ascent centroid also exhibit a greater weakening of boundary layer-lower-289 

free-troposphere coupling (Figure 6b). Together with the composite analysis, these 290 

relationships consistently support the proposed mechanism whereby preferential mid-291 

tropospheric moistening is associated with an upward reorganization of the ENSO-induced 292 

ascent profile, concentrating the atmospheric response higher in the free troposphere and 293 

reducing its dynamical coupling to the boundary layer under future warming. 294 

295 
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 Impact of weakened vertical coupling on surface wind stress 296 

The weakened vertical coupling helps explain why the substantially stronger 850-hPa 297 

wind response produces only a modest increase in surface wind stress. This process provides 298 

an atmospheric damping pathway that may limit ENSO amplification in a warmer climate. To 299 

quantify this effect, we focused on wind stress (τ), the primary mediator of air-sea interaction, 300 

and performed a diagnostic decomposition using the bulk formula. The perturbation of wind 301 

stress (Δτ′ ) can be decomposed into contributions from the lower-free-tropospheric wind 302 

response (U850′  ), the vertical coupling efficiency (ܫBFC ), and the background mean state as 303 

follows: 304 

Δτx′τx′ ≈ Δܫ஻ி஼ܫ஻ி஼ + Δu850′u850′ + Δu̅u̅ + ϵ 305 

Our decomposition analysis reveals that while the U850 wind response generally intensifies in 306 

the future, this strengthening is partially offset by an approximately 8% negative contribution 307 

from BFC weakening (Fig. 7). Additionally, a reduction in the mean surface wind speed (U1000) 308 

serves as a further damping factor. Because surface wind stress depends nonlinearly on wind 309 

speed, a weaker background wind produces a smaller wind stress anomaly for the same ENSO-310 

related wind perturbation. Together, these effects reduce the extent to which enhanced lower-311 

free-tropospheric wind anomalies are translated into surface wind stress. 312 

313 
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Discussion 314 

In this study, we show that the CMIP6 models exhibit a robust divergence between the 315 

lower-free-tropospheric and near-surface atmospheric responses to ENSO under future 316 

warming. Although the ENSO-related zonal wind response strengthens substantially in the 317 

lower free troposphere, only a limited portion of this strengthening is reflected in the surface 318 

wind stress response. This contrast indicates that the strengthened free-tropospheric circulation 319 

response does not project proportionally onto the boundary layer and surface wind stress. 320 

Although the moderate increase in the surface wind stress response is consistent with a previous 321 

study14, our results further suggest that changes in the vertical structure of the atmospheric 322 

response provide an important pathway for modulating ENSO-related wind feedbacks under 323 

greenhouse warming. 324 

Our analysis points to mid-tropospheric moistening as a key factor associated with this 325 

vertical decoupling. Models with stronger increases in mid-tropospheric specific humidity tend 326 

to exhibit a larger upward-shift in the ENSO-induced ascent profile, as measured by the Center 327 

of Ascent. This upward reorganization is accompanied by a lower BFC index (ܫ஻ி஼), indicating 328 

that lower-free-tropospheric wind anomalies are less efficiently projected onto the boundary 329 

layer. Rather than implying a direct one-way causal relationship, these results support a 330 

physically consistent pathway in which future thermodynamic and moisture changes favor an 331 

upward-shifted convective circulation structure, thereby weakening the near-surface 332 

expression of the strengthened free-tropospheric wind response. 333 

This mechanism provides a dynamical complement to the conventional 334 

thermodynamic expectation that increased atmospheric moisture may enhance tropical 335 

convective heating and atmospheric feedbacks. Our results suggest that the vertical 336 
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organization of this enhanced convective response is equally important: while increased 337 

moisture can support stronger convection, the accompanying upward displacement of the 338 

ascent and heating structure can reduce the efficiency with which the atmospheric response is 339 

expressed at the surface. In this sense, boundary-layer–lower-free-troposphere decoupling acts 340 

as a damping pathway that may help limit the amplification of ENSO surface wind stress 341 

feedbacks in a warmer climate. Accounting for the vertical structure of atmospheric circulation, 342 

therefore, offers a more complete framework for understanding how ENSO feedbacks evolve 343 

under greenhouse warming. 344 

The implications of this framework may extend beyond the tropical Pacific. Because 345 

mid-tropospheric moistening and the upward reorganization of vertical motion can alter how 346 

SST anomalies project onto near-surface wind responses, similar processes may also influence 347 

other tropical modes of variability, such as the Indian Ocean Dipole. Whether such boundary-348 

layer–lower-free-troposphere decoupling operates in other basins remains an open question. 349 

Applying this framework beyond the Pacific could help clarify how tropical air–sea coupling 350 

changes under greenhouse warming. 351 

Several limitations should be noted. First, our analysis relies on CMIP6 models, whose 352 

representations of convection, entrainment, and boundary-layer processes differ substantially 353 

across models. These differences may influence both the simulated vertical structure of ENSO-354 

induced ascent and the strength of the inferred BFC weakening. Second, although the inter-355 

model relationships among mid-tropospheric moistening, the Center of Ascent, and the BFC 356 

index support a coherent physical interpretation, they do not by themselves establish causality. 357 

Targeted process-level diagnostics, including diabatic heating profiles, convective mass flux, 358 

detrainment, and boundary-layer momentum budgets, would help further test the proposed 359 
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mechanism. Future studies using global storm-resolving models, convection-permitting 360 

simulations, or observational constraints on tropical boundary-layer coupling will be valuable 361 

for assessing the robustness of this decoupling pathway and reducing uncertainty in projections 362 

of ENSO atmospheric feedbacks. 363 

364 
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Methods 365 

Model outputs 366 

To evaluate future climate change, we used simulation data from 31 Coupled Global 367 

Climate Models (CGCMs) participating in the Coupled Model Intercomparison Project phase 368 

6 (CMIP6; Supplementary Table 1). We analyzed the historical simulations for 1970-2014 and 369 

the Shared Socio-economic Pathway 5-8.5 (SSP5-8.5) simulations for 2015-2100. Within each 370 

31-year moving window, we removed the linear trend and calculated monthly anomalies 371 

relative to the corresponding window climatology. ENSO amplitude was defined as the 372 

standard deviation of December-January-February (DJF) Niño 3.4 index within each 31-year 373 

window. 374 

 375 

Statistical significance test 376 

To evaluate the statistical significance and estimate the uncertainty of our results, we 377 

applied the bootstrap method in the following ways. (1) Uncertainty of the multi-model 378 

ensemble (MME) mean. We carried out random sampling of the 31 models with replacement 379 

10,000 times to determine the confidence intervals of the MME mean (Figs. 1a, 3a-d, 5e-f). (2) 380 

Significance of the inter-model correlation. To estimate the confidence intervals of the 381 

correlation coefficients across the models (e.g., between SST and ܫ஻ி஼  changes), we randomly 382 

sampled the paired data from the 31 models with replacement 10,000 times and recalculated 383 

the correlation coefficient for each iteration (Fig. 4b). For both methods, the 95% confidence 384 

intervals are defined by the 2.5th and 97.5th percentiles of the 10,000 bootstrapped samples. 385 

 386 
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Detecting the Center of Ascent 387 

To quantify the vertical position of ENSO-related ascent, we define the Center of 388 

Ascent (P஼௢஺) as the pressure-weighted centroid of upward motion. This metric identifies the 389 

representative pressure level where vertical motion is most concentrated, allowing us to 390 

physically track the vertical displacement of the ascent profile. Since pressure decreases with 391 

altitude, a lower PCoA value corresponds to a higher altitude of the convective center. Therefore, 392 

a decrease in  PCoA provides a measure of a transition toward a more top-heavy convective 393 

structure, whereas an increase signifies a bottom-heavy shift. 394 

Our definition of PCoA is conceptually analogous to the 'centroid of latent heating' 395 

widely used in tracking the vertical evolution of tropical convection37,38. While previous studies 396 

have often characterized convective structures using a ‘Top-heaviness index’—typically 397 

derived from the ratio of baroclinic mode amplitudes via EOF decomposition39,40—we adopt 398 

an alternative approach better suited to our specific analytical framework. Because we analyze 399 

ω profiles regressed onto the Niño 3.4 index, the ENSO-driven signal is inherently isolated into 400 

a representative spatial structure. Since the temporal variability is already constrained by this 401 

linear regression, conducting further statistical mode decomposition is unnecessary. Instead, 402 

calculating PCoA allows us to directly and physically quantify the vertical displacement of the 403 

convective 'center of mass' across the multi-model ensemble, thereby providing a more 404 

intuitive and continuous measure of the vertical shift in the atmospheric response to global 405 

warming. 406 

  407 
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 408 

Figure 1. Inter-model variations in ENSO amplitude changes and the responses of lower-free-tropospheric 409 

wind and surface wind stress to ENSO under global warming 410 

(a) Time series of the relative change (%) in the winter (DJF) Niño 3.4 index standard deviation (s.d.) from 1985 411 

to 2085, compared to the 1985 baseline. The Niño index for a specific year was calculated by applying a 31-year 412 

moving window centered on that year to remove the climatology and linear trend. The solid blue line represents 413 

the CMIP6 Multi-Model Ensemble (MME) mean, and the shaded area of the same color indicates 95% bootstrap 414 

confidence interval of the multi-model mean. (b) A scatter plot across CMIP6 models showing the relative changes 415 

(%) – calculated by dividing the 2085 values by the 1985 baseline values – in the lower-free-tropospheric (850 416 

hPa) zonal wind (܃ૡ૞૙) response to typical ENSO events versus the Niño 3.4 variability. The wind response is 417 

defined as the average zonal wind in the Niño 4 region regressed onto the Niño 3.4 index. Here, the markers 418 

represent individual CMIP6 models, and the large circle with a red outline indicates the MME. The specific models 419 

corresponding to each marker are listed below. (c) As in (b) but comparing the relative changes (%) in the ܃ૡ૞૙ 420 

response to ENSO against the relative changes (%) in the sea surface zonal wind stress (ૌܠ) response to ENSO. 421 

The red dashed line denotes the 1:1 reference line (y=x). In (c), the predominance of models below the 1:1 422 

reference line indicates that the relative increase in the ૌܠ response is smaller than that in the ܃ૡ૞૙ response. 423 
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 424 

Figure 2. Projected changes in the spatial distribution of lower-free-tropospheric, near-surface wind and 425 

surface wind stress responses to El Niño 426 

Spatial distributions of the differences in the responses to a 1K Niño 3.4 anomaly between the global warming 427 

(2070-2100) and present-day climates (1970-2000) for: (a) the lower-free-tropospheric (850 hPa) zonal wind 428 

response (∆܃ૡ૞૙, m/s/K), (b) the near-surface (1000 hPa) zonal wind response (∆܃૚૙૙૙, m/s/K), and (c) the sea 429 

surface zonal wind stress response (∆ૌܠ, N/m²/K). Red (blue) shading indicates an intensification (weakening) of 430 

the westerly wind response. Stippling indicates grid points where the multi-model mean future-minus-present 431 

difference is significant at the 95% confidence level based on a paired t-test across models. In (a), a distinct 432 

intensification of the lower-free-tropospheric zonal wind response (  ૡ૞૙ ) is observed across the central 433܃∆

equatorial Pacific, particularly centered over the Niño 4 region. However, the response magnitudes of the near-434 

surface wind (∆܃૚૙૙૙) in (b) and the wind stress (∆ૌܠ) in (c) fall short of this level. 435 
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 436 

Figure 3. Projected changes in the vertical atmospheric response to El Niño and its link to climatological 437 

moisture profiles. 438 

Vertical profiles (1000–200 hPa) over the Niño 4 region for: (a) the zonal wind response (U response, m/s/K), (b) 439 

the normalized pressure-velocity ( ࣓ ) response, (c) climatological specific humidity (kg/kg), and (d) 440 

climatological relative humidity. The solid blue line represents the present-day climate (1970-2000), while the 441 

solid red line represents the future warming climate (2070-2100). The light shading around the solid lines indicates 442 

inter-model uncertainty (95% bootstrap range). The horizontal dotted line in panel (a) indicates the 850 hPa level 443 

which shows the strongest wind response. As shown in (c) and (d), specific humidity increases throughout the 444 

troposphere, whereas relative humidity increases primarily in the mid-troposphere.  445 
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 447 

Figure 4. Inter-model spread of the Boundary-Layer-Lower-Free-Troposphere Coupling index and its 448 

relationship with future moisture changes. 449 

(a) Projected future changes in the BFC index, (۷BFC =  ૡ૞૙), across 31 CMIP6 models and the multi-450܃/૚૙૙૙܃

model ensemble mean (MME; gray bar). Here ܃૚૙૙૙  and ܃ૡ૞૙  denote the ENSO-regressed zonal wind 451 

responses over the Niño 4 region. Negative Δ۷BFC indicates a weaker boundary-layer response relative to the 452 

lower-free-tropospheric response, corresponding to stronger decoupling. Among the 31 models, 29 show negative 453 

Δ۷BFC. (b) Correlation coefficients between BFC weakening, defined as (-Δ۷BFC), and projected changes in SST, 454 

precipitation, and layer-mean specific humidity between 400 and 700 hPa (∆ࢗ૝૙૙−ૠ૙૙), over the Niño 4 region. 455 

The strongest correlation is found for ∆ࢗ૝૙૙−ૠ૙૙ (r = 0.71). (c) Vertical profile of the correlation coefficient 456 ࢘(∆(࢖)ࢗ,  denotes the future change in specific humidity at each pressure level. The 457  (࢖)ࢗ∆ where , (࡯ࡲ࡮ࡵ∆−

correlation peaks in the mid-troposphere, approximately between 400 and 700 hPa. 458 



25 

 

 459 

Figure 5. Comparison of El Niño zonal wind responses and vertical structures between model groups (High-460 

q vs. Low-q) according to the magnitude of q change.  461 

(a–d) Spatial distributions of projected changes in the ENSO-related zonal wind response (ΔU, m/s/K) at 850 and 462 

1000 hPa for the group with large mid-tropospheric (400-700 hPa) q changes (High-q) and the group with small 463 

changes (Low-q). Panels (a) and (c) show the zonal wind responses at 850 hPa (∆܃ૡ૞૙) and 1000 hPa (∆܃૚૙૙૙) 464 

for the High-q group, respectively, while (b) and (d) show the corresponding zonal wind responses for the Low-q 465 

group. The High-q group exhibits stronger intensification at 850 hPa than at 1000 hPa, consistent with a reduced 466 

projection of the lower-free-tropospheric wind response onto the boundary layer. (e) Vertical profiles of the ENSO-467 

regressed zonal wind response over the Niño 4 region for the High-q and Low-q groups. The solid red (blue) line 468 

represents the ensemble mean of the High-q (Low-q) group, and the light shading indicates inter-model spread 469 

(95% bootstrap range). (f, g) Normalized omega response profiles over the Niño 4 region for the Low-q group (f) 470 

and High-q group (g). Blue and red lines denote the present-day and future climates, respectively. The High-q 471 

group exhibits a more pronounced upward displacement of the ascent profile than the Low-q group, consistent 472 

with a more top-heavy circulation structure. These composites indicate that stronger mid-tropospheric moistening 473 

is associated with an upward reorganization of ENSO-induced ascent and weaker coupling between the lower free 474 

troposphere and the boundary layer. 475 
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 476 

Figure 6. Inter-model correlations among changes in mid-tropospheric specific humidity, convective center 477 

altitude, and the BFC index 478 

(a) Scatter plot between the Δࢗ૝૙૙−ૠ૙૙ and the change in the ascent-weighted mean pressure (Δ࡭࢕࡯ࡼ, hPa). A 479 

negative Δ࡭࢕࡯ࡼ indicates an upward displacement of the ascent centroid, where the center of the convective 480 

response moves to higher altitudes. (b) Scatter plot between Δ࡭࢕࡯ࡼ and Δ࡯ࡲ࡮ࡵ. Each marker in the scatter plots 481 

represents an individual CMIP6 model, and the red dotted line is the linear regression line (***: p<0.001, **: 482 

p<0.01). 483 

  484 
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 485 

Figure 7. Physical decomposition of projected changes in the equatorial Pacific sea surface wind stress (ૌܠ) 486 

response.  487 

A box plot showing the relative rate of change of the total ∆࣎࢞ response and the contributions (Change, %) of its 488 

individual physical components. The total response is decomposed into the change in the lower-free-tropospheric 489 

zonal wind response (∆܃ૡ૞૙ Response), the lower-free-tropospheric and surface wind field decoupling effect 490 

(ΔBFC index), the change in the climatological mean background near-surface wind (ઢ̅܃૚૙૙૙), and a residual 491 

component that includes nonlinear effects. The horizontal red line within the box represents the median of the 492 

CMIP6 models, and the upper and lower boundaries of the box indicate the first and third quartiles (IQR). The 493 

semi-transparent gray dots overlaid on the boxes represent the distribution of the individual climate models used 494 

in the analysis. This quantitatively demonstrates that, although the lower-free-tropospheric zonal wind response 495 

 is significantly amplified (a positive contribution) in a future climate, it is strongly offset (a negative 496 (ૡ૞૙܃∆)

contribution) by the wind field decoupling phenomenon (ΔBFC) and the weakening of the background mean wind 497 

field (ઢ̅܃૚૙૙૙). 498 
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